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Abstract
Observations  of  travel  time anomalies  of  inner  core-sensitive  PKPdf
seismic body waves, as a function of path orientation with respect to
the  earth's  rotation  axis,  have  been  interpreted  as  evidence  of
anisotropy  in  the  inner  core.  Paths  from earthquakes  in  the  South
Sandwich Islands to stations in Alaska show strongly anomalous travel
times, with a large spread that is not compatible with simple models of
anisotropy. Here we assess the impact of strong velocity heterogeneity
under Alaska on the travel times, directions of arrival and amplitudes
of PKPdf. We use 3D ray-tracing and 2.5D waveform modelling through
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a new, high-resolution tomography model of the upper mantle beneath
Alaska.  We  find  that  the  structure  beneath  Alaska,  notably  the
subducting  slab,  is  reflected  in  the  patterns  of  these  PKPdf
observations, and this can be replicated by our model. We also find
similar patterns in observed teleseismic P waves that can likewise be
explained by our slab model. We conclude that at least 2 s of the travel
time anomaly often attributed to inner core anisotropy is due to slab
effects in the upper mantle beneath Alaska.
Introduction
The observation of  directionally  dependent  travel  time anomalies of
inner-core sensitive body waves, combined with anomalous splitting of
core-sensitive  normal  modes,  have been interpreted as  evidence of
cylindrical velocity anisotropy within the inner core (IC) (Morelli et al.,
1986; Woodhouse et al.,  1986). The fast axis of anisotropy is within
several degrees of the rotation axis, while the slow direction migrates
from in the plane of the equator to within 55° of the rotation axis with
increasing depth in the IC (e.g. Ishii and Dziewonski, 2002; Lythgoe et
al.,  2014;  Frost  and  Romanowicz,  2019).  This  anisotropy  has  been
interpreted as resulting from preferred alignment of  anisotropic iron
crystals  within  the  inner  core  (Stixrude  and  Cohen,  1995).  The
magnitude of anisotropy has been shown to vary between 0 and 8%,
dependent on depth of sampling  (e.g. Vinnik et al., 1994; Lythgoe  et
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al., 2014). Meanwhile, its dependence on the longitude of sampling has
been interpreted as evidence of a hemispherical dichotomy, where the
quasi-western hemisphere shows stronger anisotropy of around 4% in
most  models,  while  the  quasi-eastern  hemisphere  show  weaker
anisotropy of  1-2%  (Creager,  1999;  Irving and Deuss,  2011;  Tanaka
and Hamaguchi, 1997)
Inner  core  anisotropy  is  investigated  using  the  core-sensitive  body
wave, PKP, which comprises two branches sensitive only to the outer
core, PKPbc and PKPab, and one branch sensitive to both the outer and
inner cores, PKPdf. The PKPab and PKPbc branches are often used as
references, in order to reduce the influence of source and origin time
errors, as well as upper mantle velocity heterogeneity, on the recorded
differential travel times. Residual travel times of PKPdf relative to a 1D
reference model show a dependence on the angle of the inner core
portion of the ray relative to the rotation axis, ξ (Morelli et al., 1986).
Rays with ξ<35° are referred to as polar and are roughly aligned with
the fast axis of anisotropy. These rays show negative PKPdf travel time
anomalies of up to 10 seconds  (Morelli,  Dziewonski and Woodhouse,
1986; Shearer, 1994; Su and Dziewonski, 1995; Li and Cormier, 2002;
Cao and Romanowicz, 2007; Lythgoe et al., 2014; Romanowicz  et al.,
2015,  Frost  et  al.,  in  revision).  Here,  we use observed PKPdf  travel
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times measured relative  to  predictions  from a 1D reference model,
referred to as absolute PKPdf travel time anomalies. 
Resolution of the global pattern of inner core anisotropy is limited by
spatially  heterogeneous sampling of  the IC on polar paths.  Previous
studies have noted the strongly anomalous character of travel times
on polar  paths from sources in  the South Sandwich Islands (SSI)  to
stations Alaska, where rays with a range in ξ of only 6° (26<ξ<32°)
show a range of 6 s in travel time anomaly, in contrast with ~3 s for
the global data in the same ξ range, (Romanowicz et al., 2003; Garcia
et al., 2006; Leykam et al., 2010; Tkalčić, 2010; Tkalčić  et al., 2015;
Frost and Romanowicz, 2017). This behaviour is seen for both PKPdf
absolute  and  PKPbc-df  and  PKPab-df  relative  travel  times
(Supplementary  Figure  1).  This  SSI-Alaska  path  may  also  show
variations in the amplitude of PKPdf (Long et al., 2018). The SSI-Alaska
anomaly has led to complications in the interpretation of inner core
structure (Tkalčić, 2010).
Notably, given the frequent seismicity in the SSI, data from this source
region to stations in Alaska are often over-represented in catalogues of
IC travel time anomalies (e.g.  Tkalčić et al.,  2002). Previous studies
have  attempted  to  explain  the  discrepant  SSI-Alaska  PKP  data  by
invoking regional variations in the strength of IC anisotropy (Tkalčić,
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2010).  Other  studies  have  argued  for  a  source  outside  of  the  IC,
specifically velocity anomalies in the tangent cylinder of the outer core
(Romanowicz et al., 2003), or polar caps with higher concentration of
light elements (Romanowicz and Bréger, 2000). 
Other explanations have invoked the effect of lower mantle structure
where the paths of PKPdf and outer core reference phases PKPbc and
PKPab most diverge.  Tkalčić et al. (2002) showed that fitting the SSI-
Alaska  anomaly  requires  rapid  lateral  variations  in  the  D′′  layer.
Recently,  Long  et  al.  (2018) proposed  a  model  with  a  3% velocity
increase in the lowermost mantle under Alaska, in addition to uniform
inner core anisotropy, to explain the SSI-Alaska anomaly. However, to
explain the entire pattern of travel time and amplitude anomalies with
lower mantle structure alone requires a rather extreme distribution of
heterogeneity near the CMB. Accounting for trade-offs requires either a
thickness  up  to  650  km with  a  velocity  perturbation  of  +3%,  or  P
velocity increases of 9.75% over a thickness of 200 km, which is far in
excess  of  that  seen  in  tomography:  4  times  stronger  than  that
observed in the regional model of  Suzuki  et al.,  (2016) and over 10
times stronger than observed in the global model of  Simmons et al.,
(2011).  In  particular,  fitting  the  variation  of  the  anomaly  from  the
southwest to the northeast across Alaska requires an increasingly thick
fast D′′ layer in the lowermost mantle, in contrast with mineral physics
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considerations which predict that the D′′ discontinuity height decreases
towards the northeast (Sun et al., 2016). Moreover, while PcP-P travel
time measurements do indicate higher than average wavespeeds in
the lower mantle beneath Alaska, the models of  Long et al.,  (2018)
predict  PcP-P  travel  time anomalies  3  times  greater  than  observed
(Ventosa  and  Romanowicz,  2015).  Thus,  while  models  of  D′′
heterogeneity  can  explain  the  SSI-Alaska  anomaly,  the  parameters
required are hard to reconcile with independent observations. On the
other hand,  Helffrich and Sacks (1994) suggested that upper mantle
structure  could  be  responsible  for  some portion  of  PKP  travel  time
anomalies. Indeed, in addition to lower mantle heterogeneity,  global
tomographic models show strong velocity heterogeneity in the upper
1000 km of the mantle in the vicinity of subduction zones (e.g. Fukao
and Obayashi, 2013), resulting from active tectonic processes near the
surface.
Here we investigate the source of the SSI-Alaska anomaly, using data
from  the  USArray  deployment  in  Alaska,  which  offers  high  spatial
resolution of PKPdf travel times. We observe and model the effects of
strong  upper  mantle  structure  in  our  recent  3D  upper  mantle
tomography model of Alaska (Roecker et al., 2018) on the direction,
slowness and travel  time of PKP waves. We show that the complex
upper mantle structure under Alaska is likely responsible for much of
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the  SSI-Alaska  anomalous  PKPdf  observations.  Observation  and
modelling of similar behaviour in P waves (that do not sample the core)
supports this conclusion.
Upper mantle structure beneath Alaska and 3D effects on PKP
propagation
Alaska has been subject to multiple episodes of subduction, collision,
and accretion since the mid-Jurassic (Plafker et al., 1994). The present-
day subduction of  the Pacific plate along the Aleutian arc began at
~55Ma (e.g. Scholl et al., 1986) and manifests as steep subduction in
the  west,  and  flat  slab  subduction  in  the  east,  where  the  Yakutat
terrane, an oceanic plateau with a thick, low-density crust, is currently
being accreted. The structure of Alaska has been extensively studied
using a range of methodologies: receiver functions  (e.g. Miller  et al.,
2018),  surface  waves   (e.g.,  Feng  et  al.,  2018),  arrival  time
tomography (e.g. Martin-Short et al., 2016), and joint interpretations of
body and surface waves  (e.g. Jiang  et al., 2018). These models show
strong  and  multi-scale  velocity  heterogeneity  throughout  the
uppermost 800 km of the mantle.
The  most  recent  models  take  advantage  of  the  newly  deployed
USArray in Alaska which offers instrumentation with a station spacing
of ~85 km. In a separate study, we obtained a high-resolution model of
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the upper  400 km of  the Alaskan mantle  using a  joint  inversion  of
regional and teleseismic P and S travel times from 7 months of data in
2017  (Roecker  et  al.,  2018).  The  main  features  of  this  model  are
(Figure 1): a sharply resolved slab of ~100 km thickness with dVp~
3%, the Yakutat terrain visible down to 120 km depth with dVp~ -3%,
and regions of low velocities on either side of the slab. We note that
the slab structure is both stronger and sharper than in previous models
(Jiang et al., 2018; Martin-Short et al., 2018, 2016).
Interpretation of PKP travel time anomalies is generally based on the
infinite frequency approximation in a 1D mantle, where seismic waves
are  only  affected by  velocities  along  the  infinitesimal  ray  path  and
where structure only changes with depth. When such corrections for
the tomographically resolved structure are applied, they do not fully
remove scatter in travel times  (Bréger et al., 2000). Moreover, it has
been  shown  that  considering  the  3D  effects  of  strong  velocity
heterogeneity on ray paths improves the fit of tomographic models to
data (Simmons et al., 2012). Finally, when finite frequency effects are
considered,  strong  heterogeneities,  such  as  a  subducting  slab,  can
affect  the  travel  time,  waveform,  and frequency  content  of  seismic
waves that intersect it  (Helffrich and Sacks, 1994;  Vidale, 1987). Of
particular importance for slabs is that the magnitude of the effect is
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strongly dependent on the incident direction of the wave relative to the
dip of the heterogeneity. 
Seismic heterogeneity can distort  an incident wave front,  leading to
travel  time  and  directional  anomalies.  Using  an  array  of  multiple
stations, the delay time of a wave across the array, or moveout, can be
measured. This moveout is characteristic of the direction from which
the wave arrives in terms of direction on the surface, or back-azimuth
(θ), and the incidence angle, or slowness (u). The residual of the travel
time, slowness, and back-azimuth, relative to a 1D reference model,
thus demonstrates the effect that the 3D velocity structure has on the
wavefield  (e.g. Durand et al., 2018). Using sub-arrays of the USArray
(e.g. Ventosa and Romanowicz, 2015), now deployed in Alaska, we can
measure the local effects of the structure of the Alaskan mantle.
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Figure 1: (a) Cross-section of the Vp model of Roecker et al. (2018)
along a representative path from event 6 (Suppl. Table 1) to USArray
stations displayed as per cent deviation from a 1D reference model. (b)
Slice through the model at 200 km depth showing the cross-section
path as the green line. Contour marks 0.8% dVp. 
Methods
We determine the variation of travel time, slowness, and back-azimuth
anomalies across  Alaska using a sub-array measurement technique.
We use 6 events in the South Sandwich Islands from 2016 to 2018
(Supplementary  table  1)  recorded  at  the  USArray  and  associated
networks in Alaska and Canada (AK, AV, CN, II, IM, IU, TA, and US).  We
collect vertical component seismograms, remove the linear trend and
mean from the data, and deconvolve the instrument response. Data
are bandpass filtered between 0.4-2.0 Hz,  a range which is found to
best enhance the clarity of PKPdf relative to the noise.
For each event, we construct sub-arrays of the USArray to measure the
travel time, slowness, and back-azimuth of PKPdf at each location. We
construct a 1°×1° grid across Alaska, and at each grid point we find
the closest station and select an additional 5 to 8 stations around it.
Sub-arrays with fewer than 6 stations in total are excluded, and sub-
arrays with a non-unique station list are not repeated. The minimum
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number  of  stations  is  chosen  to  ensure  high  slowness  and  back-
azimuth resolution. Meanwhile, the maximum number of stations of 9
is  chosen  to  minimise  the  sampling  region  of  each  subarray,  thus
increasing spatial resolution between subarrays. At each sub-array we
window the data 20 s prior to and 40 s after the predicted arrival times
of PKPdf and PKPab, respectively according to the 1D reference model
ak135  (Kennett et al.,  1995). We set the beampoint to the average
location of all stations in the subarray. We simultaneously grid search
over slownesses from 0 to 8 s/deg, and back-azimuths of ±20° relative
to  the  great-circle  path  and construct  linear  stacks,  or  vespagrams
(Davies  et  al.,  1971).  We  then  apply  the  F-statistic,  a  coherence
measure,  which  effectively  suppresses  aliasing,  thus  sharpening
resolution  of  slowness  and  back-azimuth  (Frost  et  al.,  2013;  Selby,
2008). The coherence, F, is computed from the ratio of the sum of the
energy in the beam, b, to the summed differences between the beam
and  each  trace  used  to  form  the  beam,  xi,  in  a  time  window,  M,
normalized by the number of traces in the beam, N :
F=N−1N
∑
t=1
M
b(t)2
∑
t=1
M
∑
i=1
N
(x i (t )−b (t ))
2
 (1)
We  visually  inspect  the  F-vespagrams  and  select  the  best  fitting
slowness,  back-azimuth,  and  travel  time  for  PKPdf  (Figure  2).  We
display vespagrams calculated for a range of slownesses (Figure 2c)
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and back-azimuths (Figure 2d) with the other parameter (back-azimuth
and  slowness  for  Figures  2c  and  2d,  respectively)  allowed  to  vary
depending on the maximum F-value. Thus these 2D time-slowness and
time-back-azimuth  vespagrams  effectively  display  a  3D  space.
Residual  PKPdf  travel  time  and  slowness  anomalies  are  measured
relative to predictions from ak135, and travel times are corrected for
ellipticity  (Kennett and Gudmundsson, 1996). Back-azimuth residuals
are measured relative to the great-circle path from source to receiver.
Sub-arrays  for  which  PKPdf  is  absent  or  not  clearly  resolved  are
discarded.  To  improve  accuracy  of  the  travel  time  anomaly
measurement,  we  cross-correlate  beams  with  an  empirical  PKPdf
wavelet.  The  wavelet  is  constructed  for  each  event  by  adaptively
stacking  (Rawlinson and Kennett, 2004) all selected beams from that
event. We then cross correlate each beam with the empirical wavelet
and measure the time shift. To account for errors in origin time and
source location inherent  in  using PKPdf  absolute measurements,  we
subtract the median observed travel time from all residual times in the
array (corrections  are  listed in  Supplementary  Table  1).  We correct
data for a model of inner core anisotropy in the upper 450 km of the
western  hemisphere,  constructed  without  using  data  from  the  SSI-
Alaska path (model details are given below). This correction accounts
for 1.4 to 2.6 s of travel time anomaly, depending on ξ and path length
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in the inner core. A weaker or stronger anisotropy model would remove
less or more of the observed travel time anomaly, respectively.
Figure  2: Waveform  data,  station  locations,  and  resultant  F-
vespagrams  for  an  example  sub-array  constructed  for  event  5  on
2018-08-14 (Suppl. Table 1).  (a) PKP wavetrain with PKPdf moveout
marked by the  blue  line,  and 1D predictions  for  PKPdf,  PKPbc,  and
PKPab marked by purple broken lines. Individual stations are shown in
black and the filtered beam is shown in green. (b) Map of stations in
the subarray (red) and the beam point (yellow) chosen as the average
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location of stations in the subarray. F-vespagrams showing time versus
(c) slowness and (d) back-azimuth. PKPdf shows a strong back-azimuth
anomaly,  while  PKPbc  does  not,  as  is  predicted  by  3D  ray-tracing
(Supplementary Figure 2). PKPab appears weak owing to the Hilbert
transform, reducing the amplitude and impulsiveness of the phase. The
picked  PKPdf  slowness  and  back-azimuth  is  shown  by  the  blue
diamond, the maximum F-amplitude, which corresponds to PKPbc, is
shown by the red diamond, and predicted arrivals are shown for the
direct PKP phases (purple circles) and depth phases (open circles).
The subarray method averages the effects of the structure sampled on
all rays used to form the beam to a single location, the beam point. To
estimate the minimum spatial resolution of our method we calculate
the first  Fresnel  zone radius  for  a  1Hz PKP wave at  200 km depth
beneath  the  surface  and  add  this  to  the  aperture  of  an  example
subarray. We find that the minimum resolution is thus approximately
220 km, or 2°, and thus we cannot interpret structures smaller than
this size, which is about 2 grid points in the regular grids shown in
Figures 3.
We use synthetic  signals  to  test  the  resolution  of  our  method.  We
simulate signals, combined with real noise at a noise level equivalent
to our data, arriving at an example array from a range of incoming
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directions.  We  apply  the  same  vespagram  and  cross-correlation
approaches as used with the data and determine our time, slowness,
and  back-azimuth  resolution  to  be  ±0.1  s,  ±1°,  and  ±0.1  s/deg,
respectively. We test the effect of the number of stations in a subarray
on beam amplitude and find only a 3% difference between the smallest
and largest subarrays. We are thus well able to resolve signals of the
magnitude that we observe.
We seek to determine the influence of the Alaskan upper mantle on
incoming wave direction and slowness. We forward model PKPdf ray
paths through our regional tomographic model of Alaska using a 3D
ray-tracer  derived  from  the  joint  inversion  approach  described  in
(Roecker et al., 2010; Comte et al., 2016) and used in the construction
of the 3D model (Roecker et al., 2018). In this approach, we compute
travel times in the 1D model ak135 from the source up to the edges of
the regional tomographic model, and then within the box we apply an
eikonal equation solver in a spherical frame (Zhiwei et al., 2009) to find
the fastest path through the box to the receiver. We calculate PKPdf
travel times through this model and through a simple model, which is
1D  throughout.  Using  the  predicted  travel  times  we  calculate  the
incoming  direction  of  the  PKPdf  wave at  the subarrays  used in  the
vespagram  process.  Unlike  the  vespagram  process  where  we  use
waveforms recorded at each station in the subarray, in the ray-tracing
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process we only have predicted travel times for each station. We select
the same stations used in each subarray and fit a plane to the variation
of travel time as a function of station location in latitude and longitude,
which represents the moveout of the signal. The slope of this surface
can be decomposed into a slowness and a back-azimuth. We calculate
a single travel time for each subarray as the average of the predicted
times for each station. By comparing predictions of the 3D versus the
1D models we compute the travel time (dT), slowness (du), and back-
azimuth (dθ) anomalies resulting from the 3D upper mantle structure. 
In order to account for the influence of inner core anisotropy on PKPdf
data,  we  construct  a  model  of  inner  core  western  hemisphere
anisotropy  (167°  W  and  40°  E)  using  the  PKPab-df  and  PKPbc-df
measurements used in Frost and Romanowicz, (2019) and Frost et al.
(in prep). To construct a model of inner core anisotropy that can be
used to correct PKPdf travel times on the SSI-Alaska path, but is not
dependent on the SSI-Alaska data, we select only PKPdf data observed
at stations outside of Alaska and with PKPdf paths turning less than
450  km below  the  ICB  (which  corresponds  to  the  range  of  depths
sampled by SSI-Alaska paths). We attribute the entire PKPdf travel time
anomaly to structure in the IC,  and convert travel  times to velocity
anomalies relative to ak135 as: dtt =
−dv
v , where t and v are reference
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travel times and velocities in the IC, respectively, calculated in model
ak135.  This  accounts for  the difference in  path length between the
shallow and more deeply travelling waves.  We construct cylindrically
symmetric  models  of  anisotropy,  in  which  the  perturbation  to  an
spherically symmetric model, after Song (1997), is expressed as:
δv
v0
=α+εcos2 ξ+γ sin22ξ (2)
where  v and  δv represent  the  reference  velocity  and  velocity
perturbations, respectively, and ξ the IC paths make with the rotation
axis. By fitting our data with an L1-norm, we determine the coefficients
α,  ε,  and  γ to  be:  -0.028,  2.626,  and  -0.996,  respectively
(Supplementary Figure 1). 
Modelling travel time, slowness and back-azimuth anomalies
After  correction  for  inner  core  anisotropy  as  described  above,  the
observed  PKPdf  travel  time,  slowness,  and  back-azimuth  anomalies
show systematic patterns as a function of location across the USArray
(Figure  3).  We  measure  travel  time  residuals  of  ±1.5  s,  slowness
residuals of ±0.6 s/deg, and back-azimuth anomalies reaching ±15 deg
but  more  commonly  around  ±5  deg.  The  patterns  are  consistent
between events. The most obvious features are:
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(1) a  trend  from late  to  early  arrival  from the  southeast  of  Alaska,
overlying the Yakutat terrain, towards the northwest
(2) low slownesses in the southeast of Alaska, sharply contrasted by a
band of high slownesses trending northeast-southwest across the
middle of Alaska
(3) a  patch  of  low  back-azimuth  residuals  in  the  centre  of  Alaska,
surrounded by high residuals
When viewed in the context of our 3D tomographic model, we find that
these sharp contrasts surround the slab (where the slab is defined by
>+0.8 % dVp).
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Figure 3: Observed (left), predicted (middle) and comparison (right) of
absolute  PKPdf  ray  anomalies  from  3D  ray-tracing  through  our
preliminary tomography model of Alaska, for all 6 events. (a, b and c):
travel time residuals. (d, e, f): slowness residuals; (g, h, i) back-azimuth
residuals.  The outline of  the Alaskan slab at 200 km depth (+0.8%
dVp) from the preliminary tomography model is shown in black. The
median observed absolute PKPdf travel time is subtracted from each
event to account for origin time and location errors.
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The corresponding anomalies predicted by 3D ray-tracing through the
upper  mantle  tomography  model  of  Alaska  for  all  events  show  a
striking  similarity  to  the  observed  travel  time,  slowness,  and  back-
azimuth anomalies, respectively (Figure 3b, e, and h). The predictions
replicate each of the three main features listed above, most strikingly
the  slowness  and  back-azimuth  anomalies.  In  addition,  the  model
replicates the trend of increasing and then falling travel time anomaly
with  distance  for  rays  on  azimuths  which  intersect  the  slab
(Supplementary Figure 3), as observed by  Romanowicz et al. (2003)
and Long et al. (2018). We see strong agreement of the trends of the
observed and predicted anomalies, but a mismatch in the travel time
anomaly amplitude, with the predicted anomalies being roughly half of
the strength of those observed (Figure 3c, f, and i). 
We also predict travel time, slowness, and back-azimuth anomalies for
PKPab  and  PKPbc  phases.  Predicted  differential  PKPab-df  anomalies
range between ±0.4 s, ±0.8 s/deg, and ±30 deg for time, slowness,
and back-azimuths respectively, while differential PKPbc-df anomalies
range between ±0.1 s, ±0.2 s/deg, and ±15 deg for time, slowness,
and back-azimuths respectively.  The large variability in back-azimuth
anomalies matches our observations (Figure 2), and likely results from
the greater  sensitivity  of  back-azimuth on  a  steeply  incident  phase
(e.g. PKPdf) to small directional changes.
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The degree of  qualitative agreement between the observations  and
predictions  attests  to  the  important  influence  of  upper  mantle
heterogeneity on the raypaths and travel times of body waves used to
investigate the inner core. Nonetheless, there are discrepancies, which
point  towards  limitations:  details  and  strength  of  the  slab  model,
unmodelled structure outside of the upper mantle, and potentially the
imprecision of the infinite frequency approximation of ray theory. We
attempt to improve the fit to the observations by perturbing the slab
model and investigate the effect that finite frequency effects may have
by waveform modelling.
The  clearest  shortcomings  of  the  model  are  the  magnitude  of  the
predicted  travel  time  anomalies,  which  are  less  than  half  of  those
observed. Tomographic inversions often recover reduced amplitudes of
velocity heterogeneity relative to those resolved by forward waveform
modelling. The velocity anomaly of the slab as recovered in our model
reaches  a  maximum of  around  ~3%  dVp.  We  test  the  effect  that
stronger  heterogeneity  may  have  on  the  fit  by  saturating  positive
velocity  anomalies  in  the  slab  regions  (which  we define as  all  grid
points with dVp≥0.8 %) to 4%. We also test the effect of scaling the
velocity anomalies in the entire model by factors of 2, 2.5, and 3. We
find  that  the  fit  between  the  observed  and  predicted  anomalies
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improves  as  we  increase  the  scaling  of  the  tomography  model
(Supplementary Figure 4 and Supplementary Table 2). This supports
our  hypothesis  that  some  of  the  misfit  between  the  observed  and
predicted times could come from the damping effects of tomographic
models.  However,  the  scatter  in  the  predicted  measurements  also
increases, which indicates that the details of the slab model should be
improved.  Furthermore,  the  slope  of  the  linear  fit  between  the
observed and predicted slownesses and back-azimuths reaches 1 (thus
is  directly  proportional)  at  scaling  factors  lower  than  for  the  travel
times (red text in Suppl. Table 2), thus placing an upper limit on the
travel  time  anomaly  that  can  come  from  the  upper  mantle,  since
attempting to match the observed travel  time anomalies by scaling
results in over-predicting slowness and back-azimuth anomalies. This
suggests either inaccuracy in modelling the incoming ray direction, or
that  matching  the  observed  travel  time  anomaly  requires
heterogeneity outside of the upper mantle. Meanwhile, taking all these
factors into consideration, scaling the tomography model by a factor of
2.5 works best.
 
Predicted  azimuth  anomalies  from  our  tomography  model  disagree
with the observed back-azimuth in the southeast portion of Alaska. Our
model  predicts  strong  negative  back-azimuth  anomalies  while  we
observe strong positive anomalies (Figure 3g,h). However, the model
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of  Martin-Short  et  al.,  (2016) better  matches  the  trend  of  our
observations  (Supplementary  Figure  5).  This  discrepancy  may  arise
from lack  of  resolution  of  the  Yakutat  anomaly  in  our  tomography
model. 
 
While  our  model  is  only  resolved  down to  400 km depth,  previous
tomographic inversions of the Alaskan mantle resolve the slab down to
at  least  600 km and potentially  beyond,  although the high velocity
anomaly  of  the  slab  becomes  diffuse  towards  the  bottom  of  the
modelled volume  (Martin-Short  et  al.,  2016).  Although the model  of
Martin-Short et al. (2016) covers a smaller region of Alaska than our
model and shows weaker heterogeneity by a factor of 1.5, this model
images the mantle down to 800 km depth. We use this model to test
the influence of the deeper section of the slab on predicted travel time,
slowness,  and  back-azimuth  anomalies.  We  compute  predicted
anomalies using the whole 800 km of the model, and using the model
cut at 400 km depth to determine the influence of the deeper part of
the slab. We find that fit between the predictions and observations is
marginally improved when calculated using the 800 km thickness of
the model (Supplementary Table 2).
We compare observations and predictions for different scaling factors
of the tomographic model along cross sections that are representative
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of the effects of the Alaskan slab (Supplementary Figure 6). We choose
two slices where we observe both negative travel time residuals over
the  slab,  and  positive  travel  time residuals  either  side  of  the  slab.
These azimuth sections (Supplementary Figure 6) allow us to identify
the  regional  variation  of  misfit  between  the  observations  and
predictions across Alaska, which either point towards local inaccuracies
in the tomography model,  or else some other unmodelled structure.
Across all of our events, it appears that the current model of Roecker
et al., (2018) underrepresents the magnitude of the velocity reduction
at  shorter  distances  over  the  Yakutat  (region  A  in  Supplementary
Figure 6); this region is better fit when the model is scaled up by a
factor of 2. In contrast, the predictions of the current model for the
early  arrivals  caused  by  the  high  velocity  slab  fit  the  observations
(region B in Supplementary Figure 6) at all azimuths except in the far
southwest towards the Aleutians. The increasingly negative travel time
anomalies at distances >157° are not fully matched in magnitude by
any  of  our  models,  but  are  best  matched  by  the  standard  model
(region C in  Supplementary  Figure 6).  Increasing the scaling  of  the
model  appears  not  to  improve  the  fit  to  travel  time  anomalies  at
distance >157°. We produce a hybrid model scaled by a factor of 2.5
before the slab the slab, and 1 over and after the slab. This model
generally fits the data better than any other model (Figure 4), although
it  still  fails  to fully  explain the data at distances beyond 157°.  This
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information will  inform future iterations of the Alaskan upper mantle
tomography model. 
Figure 4: Left: Absolute PKPdf travel time anomalies as a function of
distance and for  different  sections  through  the slab for  event  6  on
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2018-12-11. Observations are shown in blue and predictions from 3D
ray-tracing  through  the  standard  and  scaled  tomography  model
(shown on the right) are shown in red and purple, respectively. The
rough location  of  the slab in  each cross section is  marked by grey
shading.  The tomography model  (right)  is  scaled by a factor  of  2.5
before  the  slab  (south-east  of  the  thick  black  line)  and  is  kept  as
standard over and after the slab (north-west of the thick black line).
The model is shown at 200 km depth, with stations shown as black
circles. Azimuths sections shown on the left are labelled on the right. 
In  order  to  estimate  the  effect  of  the  slab  and  surrounding
heterogeneity  on the travel  times and amplitudes of  PKPdf,  we use
axiSEM (Nissen-Meyer et al., 2014) to simulate the effect of  the upper
mantle on the wavefield. We take a 2D slice through the tomography
model (the same as that shown in Figure 1) and calculate waveforms
for a regular station spacing of 0.5° at a maximum frequency of 0.5 Hz.
We find that this results in both positive and negative PKPdf residual
times relative to the 1D prediction of ~1s (Figure 5), which is less than
that observed and predicted by the 3D ray-tracing.
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Figure 5: 2.5D synthetic PKP waveforms generated for a 1D model
(black) and for the cross-section shown in Figure 1 through a saturated
version of our 3D model (green), aligned on the predicted arrival time
for PKPdf showing (a) the whole PKP wavetrain, and (b) focussing on
the PKPdf arrival. The slab model leads to both positive and negative
travel time delays of the PKP waves and changes in amplitude, relative
to  1D.  Synthetics  are  calculated  at  2s  maximum  period.  Predicted
arrival times in the 1D model are marked in red.
To further test the robustness of the observed raypath anomalies, we
calculate synthetic waveforms through our upper mantle model using a
0.04° station spacing to allow us to simulate high-resolution arrays. For
the synthetics, both the subarray spacing and station spacing in each
subarray are much higher than in our data, but subarray aperture is
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approximately  the  same as  in  the  data.  We do  this  to  resolve  the
effects of the heterogeneity on the waves as accurately as possible but
with a similar spatial sensitivity to the data. This is not designed to
serve as a test of the slowness resolution of our observations.  We use
the same vespagram approach as is applied to the data to measure
the  slowness  anomaly  that  would  result  from  this  upper  mantle
heterogeneity.  We  find  similar  patterns  of  both  travel  time  and
slowness  anomalies  between  the  synthetics  and  our  observations
(Figure  6).  We  cannot  assess  back-azimuth  anomalies  due  to  the
rotationally symmetric nature of the synthetic model.  As we see in the
3D raytracing results, the observations of slowness are well fit by the
standard model, but the travel times are better fit by a model scaled
by a factor of 2. Some discrepancies may result from the simulations
being run at a maximum period of 2 s for sake of computational cost,
while we make observations on seismograms with a dominant period
of around 1 s.
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Figure  6:  (a)  Travel  time  and  (b)  slowness  anomalies  of  PKPdf
resulting  from  propagation  through  the  3D  upper  mantle  model
relative  to  a  1D  model.  The  wavefield  is  simulated  using  axiSEM
through a 2.5D slice shown in Figure 1. Displayed are synthetics for the
standard model (light green), the model scaled by a factor of 2 (dark
green) and observations (blue inverted triangles) within 1° of the same
profile for all events. (c) Map of the standard upper mantle tomography
model  at  200 km depth,  showing  the profile  used in  the waveform
simulation in black, with the locations of the selected stations shown as
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blue triangles. The rough location of the slab in the cross-sections is
shown by grey shading, and by the black contour on the map.
Modelling PKPdf amplitude variations
Amplitude  variations  of  the  PKPdf  wave  across  Alaska  measured
relative to PKPbc were recently reported by  Long et al.,  (2018) and
were attributed to the effects of a high velocity layer in the lowermost
mantle.  We  measure  the  PKPdf  amplitudes  at  stations  across  the
USArray in Alaska relative to the empirical PKPdf wavelet constructed
for each event. We find that PKPdf amplitude decreases over the slab
and  that  this  pattern  is  consistent  between  events  (Figure  7).  The
range of amplitude ratios observed across Alaska is smaller than seen
in amplitude ratios measured on a global scale, which are ascribed to
inner  core  attenuation  (Souriau  and  Romanowicz,  1997),  thus  we
suspect a different cause. 
We measure the PKP amplitudes and amplitude ratios predicted by our
waveform  models.  We  find  that  the  trend  in  the  predicted  PKPdf
amplitude  matches  that  in  the  data,  except  around  ~152°,  which
corresponds to the edge of the slab (Figure 7). The synthetics predict
larger changes in amplitude over a short distance than is observed.
This  likely  results  from a  combination  of:  (1)  the  limitations  of  the
synthetic models, the fact that the calculation is 2.5D and not fully 3D
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and calculated at  only  2  s  period  and (2)  calculating  the  observed
amplitude on beams from sub-arrays. The aperture of our sub-arrays is
~1°, which would smooth out features as sharp as that seen in the
synthetics.  We  use  moving  averages  of  both  the  data  and  the
synthetics to smooth out the small-scale structure resulting in more
similar amplitude patterns (diamonds in Figure 7b). 
Figure 7: (a)  Observed amplitude of  PKPdf relative to an empirical
wavelet, averaged across all 6 events. Amplitudes are normalised to
the maximum in each event before being combined in  the average
across all events. (b) Observed and synthetic PKPdf amplitudes within
±1° of  section marked by black line,  which is the section shown in
Figure 1. Both observed and synthetic amplitudes are renormalised to
the same scale. Moving averages and 1 standard deviation error bars
are calculated every 1.5°.  The outline of the Alaskan slab at 200 km
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depth (+0.8% dVp) from the preliminary tomography model is shown
in black in (a) and by grey shading in (b). 
Discussion
In summary, we find that all of our observations of PKPdf travel time,
slowness,  back-azimuth,  and amplitude variations  across  Alaska are
consistent with the effects of the slab in the Alaskan upper mantle. In
particular,  the  subducted  slab  causes  sharp  deviations  in  wave
direction and wave amplitude. Meanwhile, the south-eastern portion of
Alaska shows consistently slow travel times, potentially caused by the
underlying Yakutat lithosphere. These complexities point to the upper
mantle contributing at least 2 s to PKPdf travel time anomalies, which
thus should not be attributed to inner core anisotropy.
To confirm this slab effect, we measured the travel time, slowness, and
back-azimuth  anomalies  from three events  from the Caribbean and
South America that travel to the USArray in Alaska along similar back-
azimuths as PKP paths from SSI, but at distances corresponding to P
waves  (that  do  not  sample  the  core).  Event  details  are  given  in
Supplementary Table 3.  We applied the same sub-array processing
described  here  for  PKP.  While  direct  P  waves  arrive  at  higher
slownesses than PKP, we find very similar patterns to those observed
for  PKPdf,  and  a  similarly  strong  fit  between  observations  and
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predictions from 3D ray-tracing through an Alaskan tomographic model
(Supplementary Figure 7). Notably, the observed patterns as a function
of azimuth and distance are better matched by predicted travel times
for  our  unmodified  tomographic  models  than  for  PKPdf  (Figure  8).
Because P waves sample the slab at shallower depths than PKPdf, this
indicates that improvement in the deeper part of the slab model may
be needed, which we will address in a forthcoming study.
Figure 8: Left: Absolute P wave travel time anomalies as a function of
distance and for different sections through the slab for all three P wave
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events  (Supplementary  Table  3),  averaged  together.  Observations
(blue) and predictions (red) from 3D ray-tracing through the standard
tomography model (Roecker et al., 2018). The rough location of the
slab in each cross section is marked by grey shading. To correct for the
different source-receiver distances of these events, we averaged the
observed and predicted P wave times as a function of receiver location,
and  then  projected  the  averaged  receiver  locations  relative  to  the
average P source location. This allows for comparison with the PKPdf
profiles  shown in  Figure  4  and Supplementary  Figure  6.  Right:  The
tomography model is shown at 200 km depth, with averaged stations
shown  as  black  circles.  Azimuths  sections  shown  on  the  left  are
labelled on the right. 
Upper mantle structure in other regions, such as the Scotia slab under
the South Sandwich Islands source region  (Fukao et al.,  2001), may
also  influence  the  observed  anomalies,  yet  is  not  modelled  here.
Measurements of PcP-P differential travel times in the region around
the Scotia slab show a large range of travel time anomalies  (Tkalčić,
2010). The range of these anomalies is of a similar magnitude to PKPdf
travel time anomalies observed in Alaska from the same source region,
but  unlike  for  PKPdf,  they  are  scattered  and  show  no  systematic
variation.  Furthermore,  Romanowicz et al. (2003) demonstrated that
the patterns of PKP residual travel time with ξ, distance, and azimuth
recorded  in  Alaska  were  observed  for  all  SSI  events,  regardless  of
location.  Long et al. (2018) observe that the location of the SSI event
does change the distance (relative to the event) at which the trend of
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increasing dT is observed, but we find that the geographic location of
the trend is the same for all events: over the Alaskan slab. Thus, while
mantle  structure  near  the  Scotia  slab  may  contribute  to  the
observations  in  terms  of  additional  scatter,  it  is  unlikely  to  be  the
cause of the systematic pattern of PKPdf anomalies observed in Alaska.
Moreover, the range of source locations and depths used in this study
would likely reduce any systematic bias in our observations that would
result from the Scotia slab.
The travel time of PKPdf is known to be affected by anisotropy in the
inner core (Supplementary Figure 1), thus we add a correction to the
observed  travel  times.  The  model  of  inner  core  anisotropy  used  is
derived from data sampling the same depth range and in the same
hemisphere of the inner core as the South Sandwich Islands to Alaska
data. The strength of this correction affects the travel time anomaly
that we ultimately attribute to the upper mantle. Since the travel time
anomaly from the inner core does depend on station location this does
affect the moveout of the PKPdf wave across each sub array, but the
effect is negligible given the small size of the sub arrays.  However, the
correction significantly improves the match between the observed and
predicted travel time anomalies (Supplementary Figure 8). 
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As recently suggested by  Long et al.  (2018) and mentioned earlier,
lower mantle heterogeneity could influence PKP travel time anomalies.
However,  we  calculate  that  the  magnitude  of  lower  mantle
heterogeneity that would also be compatible with other observations of
D′′  structure,  in  particular  PcP-P  travel  times  (Ventosa  and
Romanowicz,  2015),  would  contribute  travel  time anomalies  on  the
order of no more than ~1s.  Core-Mantle Boundary structure instead
might  contribute  to  measurement  scatter  or  the event-specific shift
from the predicted times (listed in last column of Supplementary Table
1).  Alternatively,  the  event-specific  shift  may  result  from  source
location  and  origin  time  errors.  Moreover,  our  upper  mantle  model
reproduces the pattern of travel time anomalies with distance from the
events in the South Sandwich Islands (Supplementary Figure 4). The fit
is  more satisfactory than that achieved by  Long et al.  (2018) using
lower  mantle  heterogeneity,  and  is  also  capable  of  explaining  the
change  in  pattern  with  back-azimuth  (Supplementary  Figure  3).
Furthermore,  the upper mantle model is  capable of  reproducing the
patterns of  slowness and back-azimuth anomalies.  Contamination of
PKP waves by upper mantle heterogeneity thus provides a single, self-
contained explanation for patterns previously attributed to the lower
mantle, outer core, and or inner core.
Conclusion
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We find that the pattern of slowness, back-azimuth, and travel time
anomalies measured for PKPdf at sub-arrays of the USArray in Alaska
match the patterns predicted by a high-resolution model of the Alaskan
upper mantle. The strong similarity of the observed slowness and back-
azimuths to  those predicted using only  upper  mantle  heterogeneity
suggests  that  it  is  the  main  source  of  the  anomalies.  This  is  also
confirmed by analysis of direct P waves along azimuths similar to the
SSI to Alaska PKP paths considered here. While other structure in the
lower mantle and upper mantle on the source side may also contribute
to the observed scatter in travel time residuals, we conclude that the
dominant cause of the SSI-Alaskan anomaly is the Alaskan subduction
zone. As such, this motivates further improvements in characterizing
the structure of the Alaska slab and its surroundings. More generally,
care  must  be  taken  when  interpreting  travel  time  anomalies  from
regions  with  strong  upper  mantle  structure  in  terms  of  inner  core
structure.
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